[1] An ecosystem model embedded in a global ocean general circulation model is used to quantify roles of biological and physical processes on seasonal oxygen variations. We find that the thermally induced seasonal net outgassing (SNO) of oxygen is overestimated by about 30% if gas phase equilibrium is assumed, and we find that seasonal variations in thermocline oxygen due to biology are approximated well using the oxygen anomaly. Outside the tropics and the north Indian Ocean, biological SNO is, on average, 56% of net community production (defined as net oxygen production above 76 m) during the outgassing period and 35% of annual net community production. In the same region the seasonal drawdown of the oxygen anomaly within the upper thermocline (76-500 m) is 76% of the remineralization during the drawdown and 48% of annual remineralization. Applying model-derived relationships to observed O 2 climatologies and using independent estimates for tropical and monsoonal systems, we estimate global net community production to be 14.9 ± 2.5 Pg C yr À1 .
Introduction
[2] Reliable estimates of the net production of organic matter in surface waters, often referred to as net community production, export production or new production [e.g., Eppley and Peterson, 1979] , are essential for a firm understanding of the global carbon cycle. One of the more robust methods of estimating net community production exploits the annual cycle of the air-sea oxygen flux [Keeling and Shertz, 1992; Bender et al., 1996; Najjar and Keeling, 2000] and is based on the geochemical techniques pioneered by Shulenberger and Reid [1981] , Jenkins and Goldman [1985] , and Emerson [1987] . The method is appealing because atmospheric oxygen measurements integrate the air-sea oxygen flux over large areas, potentially reflecting net community production over a hemispheric scale. A difficulty, however, is that physical processes can confound the relationship between net community production and outgassing. For example, some O 2 produced during net community production is mixed downward and not immediately outgassed. Further, the annual cycle in the air-sea oxygen flux has contributions from processes other than production during the outgassing period, such as wintertime ventilation of oxygen-depleted waters in the seasonal thermocline and spatial and temporal variability in solubility. Similar problems arise when the annual cycle in oxygen is exploited to estimate shallow remineralization, another important yet difficult to estimate component of the global carbon cycle. The seasonal drawdown in O 2 in the seasonal thermocline [Jenkins and Goldman, 1985; Keeling, 1997, 2000] may not be equal to respiration because of O 2 sources and sinks due to advection and diffusion and lateral fluxes of organic matter.
[3] Two recent studies have shed light on the factors affecting the annual cycle in the air-sea oxygen flux. Nevison et al. [2005] developed a technique for separating ventilation and production effects in the Southern Hemisphere using the annual cycle in atmospheric N 2 O, which is driven, in part, by ventilation of N 2 O-enriched waters in the seasonal thermocline. Dietze and Oschlies [2005] investigated a common approximation of the thermally induced oxygen flux (introduced by Keeling et al. [1993] ) using a numerical model and found that the annual cycle is overestimated by about 20% due to the impact of penetrating solar radiation and surface mixing. We know of no studies that address the impact of physical processes on the seasonal drawdown of oxygen in the thermocline.
[4] The goal of this study is to quantify the relationship between marine biological rates of carbon cycling in the upper ocean (net community production and shallow remineralization) and the annual cycle of oxygen. We use a three-dimensional model of dissolved oxygen dynamics in the ocean for this purpose. The model consists of three components: the circulation model, a standard nitrogenbased ecosystem model, and an oxygen component. Our goal is not to achieve a perfect simulation of nitrogen and O 2 dynamics in the ocean but rather to establish relationships between the seasonality of oxygen and the carbon cycle rates of interest. We then apply these relationships to the observed ocean O 2 annual cycle to derive rates of net community production and shallow remineralization over large scales in the ocean.
Model Description

Physical Model
[5] The physical model used in this study is NCOM (NCAR CCSM Ocean Model), a coarse-resolution global general circulation model, which is a component of the Community Climate System Model (CCSM) developed at the National Center for Atmospheric Research (NCAR) [Blackmon et al., 2001] . NCOM is based on the Geophysical Fluid Dynamics Laboratory (GFDL) Modular Ocean Model (MOM), version 1.1 [Bryan, 1969; Cox, 1984; Pacanowski et al., 1991] . The model is described in detail by Large et al. [1997] ; here we give a brief description. The model has a total of 25 levels in the vertical, with the uppermost level 12 m thick and 7 levels in the upper 200 m. The horizontal resolution is 1.8°-3.4°in latitude (with increased resolution at the equator and higher latitudes) and 3.6°in longitude. The main improvements to MOM are (1) the inclusion of the upper ocean vertical mixing model of Large et al. [1994] , which leads to a more realistic exchange of properties between the surface layer and underlying seasonal thermocline [Doney et al., 1996] ; (2) surface bulk heat, freshwater and momentum forcing [NCAR Oceanography Section, 1996; Doney et al., 1998 ], which produces improved annual cycles of sea surface temperature (SST) and mixed layer depth as well as better solutions for intermediate and deep water masses [Large et al., 1997] ; and (3) the isopycnal transport parameterization of Gent and McWilliams [1990] , which diminishes the spurious upwelling and diapycnal diffusion of properties across western boundary currents [Sarmiento et al., 1993; Böning et al., 1995] and the Antarctic Circumpolar Current, a feature typically found in z coordinate models.
[6] The atmospheric data sets required by the bulk surface forcing scheme are generated from the National Center for Environmental Prediction (NCEP) reanalysis and cover the four years 1985 through 1988. The monthly mean fields include the zonal and meridional wind velocity components, air temperature, specific humidity, fractional cloud cover, and net downward short-wave radiation. Monthly mean sea surface temperature and salinity are from the climatologies of Shea et al. [1990] and Levitus [1982] . The forcing field values at each model time step are computed using linear interpolation. Details of the forcing scheme are given by NCAR Oceanography Section [1996] and Large et al. [1997] .
Ecosystem Model
[7] The ecosystem model used in this study is based on the five-compartment, nitrogen-based model of Doney et al. [1996] . The model has been tested extensively for the Bermuda Atlantic Time series Study site in the Sargasso Sea and has been shown to replicate the basic features of the annual cycle, including the initiation of the winter-spring bloom and the summer deep chlorophyll maximum, two processes essential for simulation of the annual oxygen cycle. Because of the importance of dissolved organic matter to the marine carbon and oxygen cycles [Hansell and Carlson, 1998], we add dissolved organic nitrogen to our model. We also add ammonium to the model in order to differentiate between new and regenerated production. The ecosystem model then consists of seven prognostic variables ( Figure 1 ): nitrate (NO 3 ), ammonium (NH 4 ), phytoplankton (P), zooplankton (Z), dissolved organic nitrogen (DON), detritus (D), and chlorophyll (Chl). Table 1 defines these and other variables in the paper. A detailed description of the model is given in Appendix A.
Oxygen Model
[8] In order to model the impact of biological processes on the oxygen cycle, the oxygen source/sink term is linked to nitrogen transformations. There are four distinct pathways in the model where oxygen is produced or consumed (Figure 1 ): the conversion of nitrate to organic nitrogen (new production), the conversion of ammonium to organic nitrogen (recycled production), the conversion of organic nitrogen to ammonium (ammonification, excretion, mortality and solubilization), and the conversion of ammonium to nitrate (nitrification). The C, H, N and O stoichiometry of these transformations follows Libes [1992, pp. 130, 133] and is given, respectively, by
[9] Thus the net source of oxygen in the model is given by 
where the O 2 :N ratios are r NP = 138:16 during new production (NP), r RP = 106:16 during recycled production (RP) and the transformation of organic nitrogen to ammonia (X), and r Ni = 2:1 during nitrification (Ni). The traditional value of O 2 :N during new production used here (138:16) is lower than more recent estimates, which range from 150:16 to 170:16 [Anderson and Sarmiento, 1994; Anderson, 1995] . There is no denitrification in the model, and thus the oxygen concentration is allowed to be less than zero.
[10] The sea-to-air flux of oxygen, F O 2 , is parameterized using a standard transfer velocity formulation:
where k w is the gas transfer velocity for oxygen, [O 2 progress in this area [e.g., Hamme and Emerson, 2006] but the data do not exist to evaluate parameterizations on large scales. For k w , the formulation proposed by Wanninkhof [1992] for long-term winds is used:
where k w has units of cm hr À1 ; f is the fraction of the sea surface covered with ice, diagnosed from the sea surface temperature according to NCAR Oceanography Section [1996] ; Sc O2 is the Schmidt number for oxygen, computed using the formula of Keeling et al. [1998] ; and u is the wind speed at 10 m in m s
À1
, obtained from NCEP as in the physical model.
[11] In order to separate biotic and abiotic variations in the O 2 distribution, we define three forms of oxygen in the model: total oxygen (O 2 t ), biological oxygen (O 2 b ) and solubility oxygen (O 2 s ). They have different air-sea fluxes, in situ sources and sinks, and initial conditions, as detailed in Table 2 . All of the forms of oxygen are controlled by a similar transport-reaction equation:
where P is the advective-diffusive transport operator (which is linear in [O 2 i ]), the subscript i denotes the type of oxygen and S is the net in situ source of oxygen. From the above equation and the definitions in ] can be less than zero; conceptually it is similar to the negative of the apparent oxygen utilization (AOU) and generally decreases with depth.
[12] Quantifying the true air-sea flux of O 2 s is important for determining the biological contribution to the air-sea oxygen flux, which should be more closely related to net community production than the total oxygen flux. Previous attempts to compute the air-sea flux of O 2 s have used estimates of the surface heat flux (because temperature is the dominant influence on solubility) and the assumption that the ocean stays close to equilibrium with the atmosphere [Keeling et al., 1993] . The resulting relationship, which will be explored in this study, is
where F T Heat is defined positive upward, Q is the total ice-free sea-to-air flux of heat (the total flux multiplied by 1 À f ), C p is the specific heat of seawater (set to a constant value of 3993 J kg À1 K
) and r is the surface ocean density. We will evaluate the extent to which this formula approximates the air-sea oxygen flux resulting from the variation of oxygen solubility in the model.
Initialization and Integration
[13] The physical model was initialized with a spun-up state of the integration of the original NCOM model. This state was created by first running the model for 96 momentum years, 960 surface tracer years, and 9600 deep tracer years with the acceleration technique of Bryan [1984] . The integration was then continued for another 30 years with equal (synchronous) time steps.
[14] The initial nitrate and oxygen fields were taken from the climatologies of Louanchi and Najjar [2000] and Najjar and Keeling [1997] , respectively. The initial chlorophyll and remaining nitrogen fields were set to constant values at the surface, decreasing exponentially with a scale depth of 100 m, similar to Sarmiento et al. [1993] . Initial surface concentrations were 0.14 mg m À3 for Chl, 0.14 mmol m
À3
for P, 0.014 mmol m À3 for Z, and 0.1 mmol m À3 for NH 4 , Figure 5 . Modeled and observed departure of the sea-to-air oxygen flux from its annual mean in five latitude bands and the three major ocean basins. Note the change in scale at 40°latitude in both hemispheres.
DON and D. The biology was integrated with the evolving physical fields over an 11-year period. Our analysis is based on results from the eleventh year.
Model Evaluation
[15] In order to examine the model skill, we compare the model output with monthly climatologies of surface chlorophyll, surface nitrate and the air-sea oxygen flux. Chlorophyll is derived from the Sea-viewing Wide-Field-of-view Sensor (SeaWiFS) over the years 1997 to 2000, nitrate from the 2001 World Ocean Atlas [Conkright et al., 2002] , and the deviation from the annual mean O 2 flux from Garcia and Keeling [2001] . Basin-scale comparisons are used to investigate the overall features of seasonal variability of the model. Fourteen regions are defined by dividing the oceans by basin (Indian, Pacific, and Atlantic) and by broad latitude bands with boundaries at 40°S, 10°S, 10°N and 40°N, similar to Conkright et al. [1994] and Gregg [2002] .
[16] Usually the ecosystem components in the surface will be in an approximate steady state after a few years run [Sarmiento et al., 1993] . Figure 2 shows the air-sea oxygen flux averaged over each hemisphere as a function of time. With an 11-year biological run, the annual cycle has reached steady state. The global annual mean integrated air-to-sea O 2 flux in the model in the eleventh year is 0.8 mmol m À2 d À1 , which is at least an order of magnitude smaller than the amplitude of the annual cycle averaged over each hemisphere.
[17] Simulated chlorophyll is averaged over the upper 28 m, the top two layers in the model, representing one attenuation length for the satellite observations. As shown in Figure 3 , the model picks up some of the features of the observations: elevated values and a large dynamic range in high latitudes, low values and moderate variability in the midlatitudes, and moderate values and small variability in the tropics. The model also captures the observed phasing of the annual cycle within a month or two in all of the regions. The magnitude and timing of the spring bloom in the high latitudes of the North Atlantic and Pacific is simulated reasonably well, as is the less pronounced fall bloom, though the timing is slightly off. In the North Indian Ocean, the model's chlorophyll maximum in response to the summer monsoon is too weak, at least partially because the coarse resolution of the model is not suitable for resolving upwelling during this time. This is consistent with nitrate levels being too low ( Figure 4 ) and outgassing of oxygen too high (Figure 5) in the model during the summer. The model substantially overestimates both the mean and the amplitude of the annual chlorophyll cycle in the Southern Ocean, where the maximum is about three times greater than the observations while the minimum value in the model is comparable with the observations. The reason for the overestimation in the model may be that Fe limitation, which has been considered to play an important role in the Southern Ocean [Boyd and Abraham, 2001] , is not present in our model. Iron limitation is also the likely explanation for the model's overestimate of chlorophyll in the equatorial Pacific [Kolber et al., 2002] and possibly the equatorial Indian Ocean. Chlorophyll levels in high nitrate -low chlorophyll (HNLC) regions are captured better in some recent, more sophisticated marine ecosystem simulations that include iron limitation [e.g., Moore et al., 2004] .
[18] In subtropical regions, except in the North Indian Ocean, model chlorophyll is too low in the summer and too high in the winter. The summer deficit is likely due to the model's lack of mesoscale eddies, which have been shown to be an important source of nutrients in a number of oligotrophic environments [Falkowski et al., 1991; McGillicuddy et al., 1998 ]. This is consistent with lower than observed nitrate ( is that the model does not include nitrogen fixation, which has been considered to be an important nitrogen source in subtropical gyres [Capone et al., 2005] . The winter/spring chlorophyll excess may be due to higher than observed nitrate levels during winter (Figure 4 ), which may be related to the initialization with Louanchi and Najjar [2000] ; this atlas likely overestimates subtropical nutrient levels because of the extensive smoothing in it. The winter/spring excess may also be due a lack of multiple phytoplankton species in the model; species succession has been shown to be an important feature of the spring bloom.
[19] As with the chlorophyll distribution, the model surface nitrate and air-sea O 2 flux fields capture the overall meridional pattern and temporal phasing of the observations even though there are substantial biases (Figures 4 and 5) . Those biases seem to be consistent with the suspected causes of problems in the chlorophyll distribution, as already noted for the subtropics, including the North Indian Ocean. In the Southern Ocean, nutrient concentrations, though still saturating, are too low, presumably because biological production is too high. This results in the amplitude of the air-sea O 2 flux to be too large. A similar case can be made for the equatorial Pacific and Atlantic.
[20] In the North Atlantic, model errors are consistent between chlorophyll, nitrate and the air-sea O 2 flux in that the model slightly overestimates the amplitude of the annual cycle for all, while getting the mean in the first two about right. In the North Pacific, chlorophyll is slightly high, perhaps because the model does not include Fe limitation. This then results in too much production and nitrate levels that are too low. One would then expect the amplitude of the air-sea O 2 flux to be too large in the model, but this is not found.
[21] In summary, despite shortcomings, the model captures the large-scale behavior of surface nutrients and chlorophyll and the air-sea oxygen flux. Because we are more interested in relationships between biological rates and annual oxygen cycles rather than the absolute rates themselves, and because we suspect that those relationships are controlled by large scale physical processes that the circulation model is able to capture [Large et al., 1997; ], we believe the shortcomings are acceptable in this first attempt to link observed oxygen fluxes with net community production and remineralization.
Results and Discussion
Biological Oxygen Balance
[22] The ocean can be vertically separated into two different zones by the compensation depth, above which the biological community is a net source of oxygen (O 2 production zone) and below which the biological community is a net sink of oxygen (O 2 consumption zone). For the purpose of simplicity, we ignore the seasonal variability of the compensation depth. On the basis of the global annual mean net biological production profile of the model (not shown), the compensation depth is chosen at the base of the fourth model layer, or about 76 m depth, which is in general agreement with that deduced from the analysis of dissolved oxygen observations [Najjar and Keeling, 1997] . The bottom depth of the O 2 consumption zone is chosen as 500 m because 95% of the organic matter exported from the surface ocean is remineralized above this depth in the model. The mass balance for biological O 2 in a given region of area A and volume V can be expressed as:
where F v top , F v bot and F h are averages of the fluxes of biological O 2 across the top, bottom and sides of the zone, respectively.
Annual Mean
[23] Figure 6a shows the annual mean balance of biological O 2 in the production zone (0-76 m). Lateral fluxes and annual mean tendencies (i.e., model drift) are negligible in this zone, accounting for less than 2% of the biological source terms, and are not shown. The dominant balance is between production and downward transport of O 2 across the compensation depth. As expected from the large-scale pattern of vertical advection and mixing, O 2 production is highest in the tropics and high latitudes and lowest in the subtropics, except for the subtropical north Indian Ocean, which is very productive due to monsoonal circulation. The modest air-sea flux (except in the high latitudes of the North Atlantic) reveals a pattern of ingassing at high latitudes and outgassing at low latitudes, similar to previous calculations [Najjar and Keeling, 2000; Gruber et al., 2001; Ganachaud and Wunsch, 2002] b ] from midlatitudes both poleward and equatorward. In general, however, these horizontal biological oxygen fluxes are small. The exception occurs in the North Atlantic Ocean where horizontal transport of biological oxygen accounts for 60% of the biological oxygen sink.
Annual Cycle
[25] On the subbasin scale, the annual cycle of O 2 b in the production zone (0 -76 m) is dominated by O 2 production and vertical exchanges with the consumption zone (76 -500 m) and the atmosphere (Figure 7) . The seasonal variation of horizontal transport is not shown because it is very small. Though the biological O 2 tendency in the model is generally small in the production zone, it is shown for later comparison with the tendency in the consumption zone, where it is significant.
[26] As expected from the model's annual cycle in chlorophyll and nutrients, the amplitude and phase of the annual cycle in biological oxygen production increase with latitude. At high latitudes, the biological oxygen annual cycles can be divided into four stages. In the winter, the deepening mixed layer causes an entrainment of oxygenpoor waters into the production zone (red lines in Figure 7 ), which creates a large oxygen demand on the atmosphere (green lines). In the spring, when the mixed layer shoals, the downward oxygen flux decreases and production (black lines) increases. These result in a decrease of the ingassing until a reversal of the air-sea flux occurs. Part of the oxygen produced during this time is fluxed into the air and the remainder is transported into the consumption zone. During the summer, as the mixed layer depth decreases, production decreases and almost equals outgassing. In the fall, production continues to decrease, and is either outgassed or transported into the consumption zone as a result of the decreasing stratification.
[27] The annual cycle is similar at middle latitudes, except that production peaks earlier and downward mixing is as significant as outgassing in balancing O 2 production. The subtropical north Indian Ocean is an exception, where there is a semiannual cycle in production that reflects monsoon-driven upwelling. Oxygen is ingassed during the winter, when upwelling and vertical mixing of O 2 -depleted water is strong and light levels are inadequate to balance this with enhanced production. Vertical transport is weaker in the summer, and so more of the oxygen production can be outgassed. Seasonality in the zonal mean O 2 budget is relatively weak in the tropics, partly because much of the seasonality there is related to wind-driven east-west tilting of the pycnocline, and so is averaged out in our presentation.
[28] The O 2 b tendency in the consumption zone has significant seasonality in middle and high latitudes (Figure 8 ). Oxygen changes in the consumption zone are largely driven by consumption (a sink), which dominates the balance in the summer, and downward mixing across the compensation depth (a source), which dominates in winter. Vertical transport at 500 m is a relatively small term in the seasonal budget, except in summer, when it can rival in situ consumption in some regions. In spring and fall, consumption and downward mixing are nearly equal, resulting in little change in the O 2 concentration. Note that the O 2 consumption (Figure 8 ) closely mirrors the production above (Figure 7) , with a lag (in the peak) of about 1 month at middle latitudes and 2 months at high latitudes, consistent with the time required for particles sinking at 5 m d À1 (Table A1) to travel a few hundred meters.
Solubility Oxygen Balance 4.2.1. Annual Mean
[29] In surface waters, fluxes of solubility oxygen in the annual mean are those expected from the Ekman circulation, with an upwelling source in the tropics, a downwelling sink in the subtropics, and an upwelling source at high latitudes, except in the North Atlantic, where the downwelling branch of the thermohaline circulation results in a solubility O 2 sink (Figure 9 ). These vertical fluxes are largely balanced by fluxes due to the lateral branches of the Ekman and thermohaline circulations. Vertical diffusion contributes little to the solubility O 2 balance, except in the North Atlantic, where it equals the advective flux (not shown). The small difference between the vertical and lateral water transports is made up by air-sea exchange, which acts as an oxygen sink in regions of net heating and a source where there is net cooling. Fluxes in the consumption zone (not shown) are dominated by a balance between lateral fluxes 
Annual Cycle
[30] Given the close compensation of lateral and vertical water transports of solubility O 2 in the production zone, we have combined the two in the analysis of the seasonal budget ( Figure 10 ). Solubility oxygen acts inversely to temperature: increasing in the winter and decreasing in the summer. This tendency is closely balanced by air-sea exchange, except in high latitudes during the winter, when downward mixing of oxygen is a significant sink. In the equatorial bands, seasonal variations are small and net outgassing is balanced by circulation.
[31] Figure 11 shows comparisons between the solubility O 2 sea-to-air fluxes calculated from the model heat fluxes, F T Heat (equation (6)), and the solubility O 2 sea-to-air fluxes in the model, F T Model . The annual cycles of F T Heat lead those F T Model and have larger amplitudes. We adjusted the phase and amplitude of F T Heat by trial and error until it gave a good visual agreement with F T Model ; the result, shown in black in Figure 11 , is given by
[32] The larger amplitude and lead of F T Heat with respect to F T Model is expected because of the finite rate of gas exchange, based on the box model of Keeling et al. [1993] . However, amplitude reduction factors of 1.3 to 1.5 correspond to time lags of 46 to 56 d in this box model, which is inconsistent with our results. A possible explanation for this discrepancy includes the effects of mixing and solar radiation penetrating below the mixed layer, which, according to Dietze and Oschlies [2005] , each reduce the flux amplitude by about 10%. Dietze and Oschlies [2005] did not examine effects on the phase, but we suggest that these would be minimal. Penetrating solar radiation would be accounted for simply by reducing the net heat flux by the Figure 10 . Seasonal budget of solubility O 2 in the production zone as a function of latitude band in each of the major ocean basins. Note change in scale at 40°in each hemisphere. F trans is the sum of the fluxes at the sides and bottom of the zones. amount of downward radiation at the base of the mixed layer, which would mean a reduction in the thermally induced outgassing in the summer. Mixing, according to Dietze and Oschlies [2005] , would effectively create an oxygen source to the mixed layer when it deepens during the fall and winter, which would counter ingassing at this time. Thus the corrections act out of phase with the flux and thus would not be expected to change the phase of the flux itself.
[33] Seasonal time series of upper ocean argon saturation [e.g., Spitzer and Jenkins, 1989] and atmospheric Ar/N 2 data [Battle et al., 2003] have the potential for evaluating parameterizations of the thermally induced air-sea flux of oxygen. However, there are limitations to both types of data at the current time. For the oceanic Ar data, time series are limited to a few sites and the influence of bubbles needs to be removed. Atmospheric Ar/N 2 data are appealing because they integrate over large scales, and atmospheric simulations show good correspondence with observations when forced by air-sea fluxes estimated from heat flux, as in equation (6) [Battle et al., 2003] . We believe, however, that measurement error, in addition to atmospheric transport model error, is likely too large at the current time to further refine air-sea flux parameterizations.
[34] As shown in Figure 12 , solubility O 2 variations in the consumption zone are modest, generally less than 5 mmol m À2 d À1 , small compared to biological O 2 variations (Figure 8 ). To aid in the interpretation of these variations, we also present the time rate of change of the saturation concentration. In general, the two are similar. Solubility O 2 variations are most substantial at high latitudes, with decreases during the summer and increases during the winter, similar to changes in the saturation concentration (with a slight lag and reduced amplitude). Vertical diffusion dominates the time tendency (not shown). The cycle at middle latitudes is more complex, with summer increases (except in the North Atlantic) and winter decreases, and no amplitude reduction compared to the saturation concentration, though still lagging it. The small annual cycle at middle latitudes reflects both advection and vertical diffu- Figure 11 . Seasonal variation of the solubility component of the sea-to-air oxygen flux in the model (green) and approximations of this flux using equations (6) (red) and (8) (black). Note change in scale at 40°in each hemisphere. sion (not shown). The advection seasonality is consistent with that expected from Ekman pumping; the larger expected pumping rates in winter push shallower, warmer, O 2 -depleted water downward, resulting in the observed negative tendencies. This is also supported by temperature observations in the Pacific between 10°and 40°N, which show negative seasonal anomalies on the order of 0.1°C at 150 and 250 m in the fall (October -December), as seen by Antonov et al. [1998, pp. 104, 106] . A temperature decrease of 0.1°C corresponds to an O 2 saturation concentration increase of about 0.5 mmol m
À3
, which is roughly equal to the positive time tendency in Figure 12 , after integrating with time and depth. Regardless of the cause of the variations in solubility O 2 , it is clear that they are small and well approximated by variations in the saturation concentration. This means that changes in biological O 2 are essentially the same as changes in the oxygen anomaly (O 2 À O 2 sat ), which was assumed by Jenkins and Goldman [1985] and Najjar and Keeling [2000] .
Relationship of Net Community Production and Remineralization to Seasonal Oxygen Variations
[35] We now evaluate the relationship, in the biological O 2 simulation, of the seasonal net outgassing (SNO) of oxygen to net community production during the outgassing period and to annual net community production (Figure 13a ). SNO here is computed by integrating the regional average surface fluxes shown in Figure 7 over the months of outgassing. Net community production (NCP) is simply defined as the volume integral of net oxygen production above 76 m. Though we present results for all 14 regions, we are primarily interested in the 10 regions in the middle and high latitudes outside of the north Indian Ocean (Table 3) , where we expect seasonal variations in the oxygen cycle to be more closely linked to biological rates. The fraction of annual NCP that occurs during the outgassing period is greater at higher latitudes (range 0.62 to 0.78, median 0.73) than at middle latitudes (range 0.43 to 0.65, median 0.63), reflecting the fact that (at least in the model) light limits production in the former and nutrients in the latter. This difference in limitation leads to earlier peaks in production (i.e., the spring bloom) at middle latitudes (Figure 7 ) [Siegel et al., 2002] . The ratio of SNO to NCP during the outgassing period also is greater at higher latitudes. This, too, presumably reflects the difference in growth limitation between the two regions; where nutrients limit growth, an increasing fraction of production occurs at greater depths, below the mixed layer, leaving more of the oxygen available for seasonal storage and downward mixing instead of outgassing. Overall, the fraction of annual NCP that is outgassed is relatively small: 0.17 to 0.35 (median 0.20) at middle latitudes and 0.42 to 0.58 (median 0.50) at high latitudes.
[36] In the biological O 2 simulation, there are similar latitudinal differences in the relationship between the thermocline oxygen decline (TOD) and remineralization in the consumption zone. Figure 13b and Table 4 show that the fraction of annual remineralization that occurs during the oxygen decline is slightly lower at middle latitudes (range 0.53 -0.63, median 0.57) than at high latitudes (range 0.66 -0.75, median 0.73). This trend is also likely a function of the earlier spring bloom at midlatitudes, which results in remineralization occurring while stratification is still weak, leaving much of the O 2 consumption balanced by downward mixing and thus not reflected in O 2 decreases (Figure 8 ). The ratio of the TOD itself to remineralization shows no obvious relationship to latitude, ranging from 0.59 to 1.12 at middle latitudes and 0.52 to 1.06 at high latitudes. Overall, the TOD is a similar fraction of annual remineralization at middle (range 0.33 -0.71, median 0.40) and high (range 0.35 to 0.77, median 0.42) latitudes.
Application to Observed Flux Estimates
[37] We now apply the ratios in Tables 3 and 4 to observed estimates of seasonal outgassing and thermocline drawdowns of oxygen from observations. We use the Josey et al. [1998] monthly heat flux climatology to estimate F T Heat according to equation (6), average those fluxes within each of the 10 regions, and then apply the correction based on equation (8). The lag of two weeks in equation (8) was applied for a given month simply by taking the average of F T Heat for that month and the previous month. This gives us an estimate of the observed thermally induced oxygen flux averaged over each region. We estimate the actual air-sea flux of biological O 2 by subtracting the thermal oxygen flux estimate from the total air-sea O 2 flux estimate of Garcia and Keeling [2001] . SNO for each region is estimated as was done for the model. For the consumption zone, we use the O 2 anomaly (-AOU) from Conkright et al. [2002] . We therefore ignore the differences between the tendencies in O 2 s and O 2 sat in the thermocline (Figure 12 ), which are very small compared to O 2 b tendencies (Figure 8 ). The biological TOD is taken to be twice the amplitude of a sinusoidal fit to the O 2 anomaly integrated between 75 and 500 m. To compute net community production (during O 2 b outgassing and annual) and remineralization (during the O 2 b decline and annual), we simply take the model-derived ratios for each Tables 3 and 4 ) and apply them to the observed estimates of biological SNO and TOD.
[38] We make a rough estimate of the error by considering individual, uncorrelated errors in SNO, TOD, and the ratios of the O 2 fluxes to the rates of interest (Tables 3 and 4) . Garcia and Keeling [2001] find that amplitude errors in simulations of atmospheric O 2 /N 2 with their flux climatology are on the order of 10%, and we adopt this error for SNO in each of the 10 regions. The error in TOD is taken to be the RMS error of the sinusoidal fit. We assume the same error in the ratios for all five midlatitude regions, and take it to be half the range. We do the same for all five high-latitude regions. For example, the error in the ratio of the TOD to remineralization in mid latitudes is (0.71 -0.33) Ä 2 = 0.19.
[39] SNO and NCP results are shown in Table 5 . Excluding the tropics and north Indian Ocean, we find biological SNO to be 530 ± 18 Tmol O 2 , where the error is estimated assuming that errors in each region (10%) are uncorrelated (i.e., the total error is the square root of the sum of the squares of individual errors). Our estimate of biological SNO is about 30% larger than that of Garcia and Keeling [2001] . We expect a larger value because we do not assume instantaneous equilibrium when computing thermal SNO. The magnitude of the difference is as expected as well, given the similar values of thermal and biological SNO estimated by Garcia and Keeling [2001] , but differences could also arise from the different estimates of heat flux, winds, and oxygen concentration, as well as the different spatial aggregation.
[40] Excluding the tropics and north Indian Ocean, NCP during the outgassing period is 940 ± 107 Tmol O 2 , or 7.8 ± 1.4 Pg C using a C:O 2 ratio of 0.690 ± 0.092 [Anderson and Sarmiento, 1994] . Lee [2001] estimated export production during the period of seasonal warming (similar to our outgassing period) to be 6.7 ± 2.7 to 8.0 ± 2.7 Pg C, using seasonal drawdowns of dissolved inorganic carbon, with corrections for mixing and air-sea exchange. This agrees well with our estimate. The tropics and north Indian Ocean were included in Lee's estimates, but the seasonal nature of the calculation likely results in a substantial underestimate in these areas, particularly in the tropics, where upwelling occurs throughout the year.
[41] We estimate annual NCP outside the tropics and the north Indian Ocean to be 1487 ± 193 Tmol O 2 or 12.3 ± 2.3 Pg C. This compares favorably with the annual estimates of Lee [2001] , based on his seasonal estimates and scaling relationships using time series data: 9.1 ± 2.7 to 10.8 ± 2.7 Pg C. In order to estimate NCP globally, we use new production estimates for upwelling areas from Chavez and Toggweiler [1995] . They estimated annual new production in the tropics (15°S to 15°N) to be approximately 2.2 Pg C. Monsoonal areas, mainly the north Indian Ocean, were estimated to export 0.4 Pg C yr
À1
. No error estimates were given and so we subjectively give the summed export an error of 50%. We then arrive at a global NCP estimate of 14.9 ± 2.5 Pg C yr
. This is in agreement with the satellitebased estimate of export production made by Laws et al. [2000] , 12 ± 0.9 Pg C yr À1 . Gnanadesikan et al.
[2004] estimated a global particle export of 11 ± 1 Pg C yr À1 using the satellite-based algorithm of Dunne et al. [2005] . To compare with our global estimate, dissolved organic carbon (DOC) export must be considered. Hansell [2002] summarized net DOC production estimates in the euphotic zone and net DOC consumption estimates in the aphotic zone. Surface net DOC production is about 17% of export production, and DOC consumption is 20 ± 10% of remineralization. Both estimates are similar, and we use the latter to amend the Gnanadesikan et al. [2004] particle export to estimate a global export production of 13 ± 1 Pg C yr À1 , which also agrees with this study. Finally, we note that the simulations of Gnanadesikan et al. [2004] that are most consistent with hydrography (their P2 and P2A simulations) yield a global export of 14.4 and 15.6 Pg C yr
, which also agrees well with our estimate.
[42] Thermocline oxygen decline and remineralization results are shown in Table 6 . Excluding the tropics and north Indian Ocean, the decline of biological O 2 between 75 and 500 m is 481 ± 48 Tmol O 2 , which, on average, is 78% of remineralization during the decline and 49% of annual remineralization. Our estimate of the seasonal decline of O 2 b is 61% of the estimate made by Najjar and Keeling [2000] , who used a different oxygen climatology than Conkright et al. [2002] , a different method of integration (based on amplitudes of sinusoids at each depth level) and different spatial aggregation (10°latitude bands). One expects a difference of this sign because of the change in phase with depth of the annual cycle [Najjar and Keeling, 1997] . Unlike the air-sea flux climatology, which used heat flux estimates for interpolation, and which has been corroborated with atmospheric O 2 /N 2 measurements [Battle et al., 2006] , the AOU climatology likely suffers from inadequate sampling of the annual cycle, particularly in the Southern Hemisphere [Najjar and Keeling, 1997] . Outside the tropics and north Indian Ocean, remineralization during the decline and annual remineralization are estimated to be 5.1 ± 1.1 and 8.1 ± 1.8 Pg C, respectively. The latter is lower than the corresponding estimate of export production (12.3 ± 2.3 Pg C), possibly because of inadequate resolution of the AOU annual cycle and remineralization below 500 m.
[43] There are few large-scale estimates of remineralization with which to compare our results with. Feely et al. [2004] used oxygen and chlorofluorcarbon measurements from 24 cruises in the Pacific Ocean to estimate oxygen utilization rates. They find that the upper water column (200-1600 m) of the Pacific Ocean supports 5.3 ± 1 Pg C yr À1 of remineralization. This is comparable with our estimate for the Pacific, 3.9 ± 1.2 Pg C yr
, considering the 1-2 Pg C of export production in the tropics [Chavez and Toggweiler, 1995] , our undersampling of the annual cycle, and remineralization below 500 m.
Conclusions
[44] Measurements of seasonal variations in atmospheric O 2 /N 2 , first reported by Keeling and Shertz [1992] , gave oceanographers a unique, hemispherically integrated view of net community production at middle and high latitudes. However, there were at least three significant uncertainties in relating the annual oxygen cycle to export production: (1) the relationship between the air-sea oxygen flux and the annual O 2 /N 2 cycle in the atmosphere, (2) the biologically induced portion of the air-sea flux, and (3) the relationship between the biological oxygen flux and export production. Here we have exploited a numerical model of marine oxygen variations to reduce the latter two uncertainties. We find that we can accurately remove the nonbiological portion of the air-sea flux in our model by reducing the equilibrium flux (computed from the temperature dependence of oxygen solubility and the surface heat flux) by 30% and introducing a lag of about two weeks. This implies that previous estimates of biological SNO based on the difference between total and thermal SNO are upwardly biased (also by about 30% because of the rough equivalence between the two components). We also find that extratropical (and outside the north Indian Ocean) seasonal outgassing of oxygen is, on average, 56% of net community production during outgassing and 35% of annual net community production. The first uncertainty listed above has been reduced using atmospheric transport models [Keeling et al., 1998; Garcia and Keeling, 2001; Battle et al., 2006] , though our work suggests that, like the thermal O 2 flux, the thermal N 2 flux has probably been significantly overestimated.
[45] We have taken a similar approach to the seasonal thermocline drawdown in oxygen, which was first used to estimate open ocean remineralization by Jenkins and Goldman [1985] (locally) and Najjar and Keeling [2000] (globally). We find that the influences of oxygen solubility on seasonal O 2 trends are readily removed by using the saturation concentration, which means that seasonal trends in biological oxygen are essentially the same as those in the oxygen anomaly. Further, we find that the drawdown of the oxygen anomaly within the seasonal thermocline is 78% of the remineralization during the drawdown and 49% of annual remineralization.
[46] Our work is limited by deficiencies in the numerical model, such as the lack of mesoscale eddies and nitrogen fixation, which likely lead to underestimates of summertime production (and hence oxygen outgassing) in subtropical regions, and the lack of iron limitation, which may result in overestimates of summertime production and outgassing in some regions. Uncertainty in the parameterization of diapycnal mixing also influences exchange of oxygen and nutrients across the base of the mixed layer and euphotic zone. Thus it is likely that the sensitivity seen in annual mean distributions of nutrients, oxygen and export production to vertical and horizontal mixing [Gnanadesikan et al., 2002 [Gnanadesikan et al., , 2004 extends to the seasonal timescale. Mixing will further influence the relationship between heat flux and the thermally induced oxygen flux. Specifically, the greater the mixing, the smaller the seasonal amplitude of the thermally induced oxygen flux because (1) the longer the equilibration timescale with the atmosphere and (2) the greater the nonlinear mixing effect identified by Dietze and Oschlies [2005] . Finally, we have ignored interannual variations in dissolved oxygen, which can be appreciable in both the production and consumption zones [Emerson, 1987; Deutsch et al., 2005] . The approach, however, of using models to relate seasonal variability in oxygen to rates of organic matter export and decomposition, is valuable, we believe, and should be attempted using more comprehensive marine ecosystem [e.g., Moore et al., 2004; LeQuéré et al., 2005] and circulation [e.g., Dietze and Oschlies, 2005] models and applied to interannual variations in atmospheric O 2 /N 2 [Bender et al., 1996] . Future modeling studies would also benefit from a greater focus on the mixed layer and the seasonal thermocline, as opposed to the fixed depth intervals used in this study.
Appendix A: Ecosystem Model Description
[47] The net biological source for each of the seven components is given by
where m p is the phytoplankton specific growth rate, m z is the zooplankton specific growth rate, r chl is the ratio of chlorophyll a synthesis to nitrogen uptake, q is the phytoplankton chlorophyll a:nitrogen ratio (Chl/P), q NH4 and q NO3 are the nitrate and ammonium fractions of phytoplankton nitrogen uptake, respectively, and the other symbols are defined in Table A1 .
[48] The phytoplankton specific growth rate is expressed as a function of the irradiance and the chlorophyll a:nitrate ratio as follows [Geider et al., 1997] :
where m p m is the light-saturated phytoplankton specific growth rate, a is the initial slope of the chlorophyllnormalized photosynthesis-irradiance curve, and I par is the downwelling irradiance in the photosynthetically active radiation (PAR) band (350 -700 nm).
[49] We have used a constant ratio to transfer a carbonbased variable to a nitrogen-based variable. m p m is considered to be a product of a nutrient limitation function L(N) and a temperature dependent of function, m p max (T):
[50] The former is given as an Arrhenius temperature dependence: where m p max (T 0 ) is the maximum specific growth rate at reference temperature T 0 (293 K) under light-and-nutrientreplete conditions, and e a /R is the slope of an Arrhenius plot.
[51] Nutrient limitation follows O'Neill et al.
[1989] kinetics. On the basis of the work by Fasham [1995] we have where L NH 4 and L NO 3 represent nitrate and ammonium limitation, respectively, and k NH 4 and k NO 3 are the halfsaturation constants for ammonium and nitrate, respectively. Nitrogen uptake is partitioned between nitrate and ammonium as follows:
[52] r chl is assumed to be regulated by the ratio of achieved-to-maximum potential photosynthesis [Geider et al., 1997] :
where q m is the maximum chlorophyll a:N ratio observed in cells acclimated to extremely low light. r chl declines when the instantaneous light harvesting capacity (i.e., aI par q) exceeds the instantaneous photosynthesis rate.
[53] I par at the surface is specified as a fixed fraction (0.45) of total surface insolation, E(0), which is taken from a spatially varying monthly climatology derived from the International Satellite Cloud Climatology Project [Bishop and Rossow, 1991] . The diurnal cycle is not resolved. A constant ocean albedo of 7% is applied to the downward short-wave flux, which decreases exponentially with depth with a constant attenuation coefficient k par . The empirical relationship of Morel [1988] where m z max is the maximum specific grazing rate at temperature T and m z max has the same temperature dependence as m p max , with the maximum specific grazing rate at T 0 given by m z max (T 0 ); e is the grazing half-saturation constant.
